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Motivation

‣ Ocean Heat Uptake (OHU) is key in 
setting the surface response to climate 
change 

‣ Increase in OHU in Obs & CMIP5 (in 
all basins) 
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Upwelling-diffusion based on Munk 

1966 (e.g., Hoffert et al 1980, Schlesinger & Jiang 1990, 

Wigley & Raper 1992)

GREGORY AND MITCHELL: CLIMATE CHANGE AND FLUX ADJUSTMENT 1945 
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Figure 4. Relationships between global-average fluxes 

the mixed layer into the deep ocean. When the cftmate regains a 
steady state, there must be no flux on average from the mixed layer 
to the deep ocean i.e. F = 0 =y • = H. Thus, H characterises 
the steady-state response of the climate system to Q, and F the 
transient behaviour. It may not be possible to attain a steady state 
in practice in an AOGCM, because the timescale on which the deep 
ocean equiftbrates is millenia, and computing resources may not be 
available to perform such an integration. 

Greenhouse gases inhibit the emission of longwave radiation to 
space, so the forcing Q they cause appears as a reduction in out- 
going longwave radiation (OLR) at the TOA. Since H is an in- 
crease in TOA outgoing radiation, the change in the net downward 
flux at the TOA is N - Q - H. Assuming that H depends lin- 
early on the temperature change AT of the cftmate system (in prac- 
tice the global-average surface temperature), we write H = AAT, 
with A a constant "climate response factor" [e.g. Dickinson, 1986]. 
Hence AAT = Q - N. This enables us to obtain A from N, 
Q and AT at any time; for the time of doubled CO• we find 
X = 1.32 + 0.06 Wm -•K -1 for FA, 1.79 + 0.10 Wm -•K -1 
for UA (Table 1). 

The "climate sensitivity" AT,x is the global-average tempera- 
ture difference between the control and a steady-state cftmate with 
a doubled concentration of CO•. For a steady state Q = H, so d 
the forcing is Q2x, knowing ), we can obtain AT2x as Q2x/),, 
without having integrated the model to a steady state. For FA, 
AT2x = 2.64 4- 0.12 K; for UA, 1.94 4- 0.19 K (Table 1). Both 
are in the generally accepted range [Kattenberg et al., 1996]. 

H is HLN -- HLC -- HSN -- Hsc (Figure 4), where: 
H•,N is the change in clear-sky OLR (i.e. computed with no 

cloud) arising from the basic radiative response of the system to 
the higher temperature and from the water-vapour feedback. 

H•,½ is the change in longwave cloud radiative forcing (CRF). 
Longwave CRF is the difference between clear-sky OLR and OLR 
with normal cloud, and is positive in the global average because 
clouds inhibit longwave radiation to space. 

HSN is the change in clear-sky net downward shortwave, result- 
ing from surface albedo changes. 

Hs½ is the change in shortwave cloud radiative forcing. Short- 
wave CRF is defined like longwave CRF, and is negative because 
clouds reflect sunlight. 

Each of these is assumed separately proportional to AT, so the 
combined A = A•.N -- A•.c -- ASN -- ASC. When A•.c, ASN, Asc are 
positive, they give downward fluxes, which reinforce the radiative 
forcing, and constitute a positive feedback on the warming. 

FA and UA have similar clear-sky longwave feedback A•.N (Ta- 
ble 1), which means that the temperature difference between FC 
and UC is not large enough to have an important influence on the 

eft 4 term or the water-vapour feedback. The positive clear-sky 
shortwave feedback ASN is somewhat stronger in UA than in FA, 
presumably because of the excessive area of sea-ice and snow in 
UC. As FC is more realistic in this respect, we suppose that FA 
gives ASN more reftably than UA. But the main difference in the 
response derives from the cloud feedbacks. The explanation must 
lie in the different cloud climatologies of FC and UC. As½ and At.½ 
both become more negative, the most important influence being re- 
duced positive feedbacks at low latitudes. For the shortwave, this 
could be because UC has much more low and medium-level cloud 
than FC. Consequently, the reduction of high cloud amount result- 
ing from the warming has less effect on the planetary albedo. Both 
control climates substantially overestimate shortwave CRF at these 
latitudes, but UC is considerably worse than FC, so we are incftned 
to think that FA has a more reaftstic response. For the longwave, 
a possible explanation is that the increase in the upper-level cloud 
water path is less in UA because the temperature is lower. If this 
is the reason, again FA should be more realistic, because the up- 
per tropospheric temperature of UC is further than FC from the 
observed climatology. 

Assuming the heat capacity of the mixed layer and atmosphere 
is small, the net downward flux N at the TOA is nearly equal to 
the net heat flux F into the deep ocean (Figure 4). Timeseries of N 
show that it grows roughly finearly in time (Figure 2). Since AT 
also increases approximately linearly in time, there is a proportion- 
aftty F = t•AT. We do not expect this a priori, and it does not 
have the general appftcabiftty of H = AAT. It obviously fails as 
the system approaches a steady state, when F --• 0 but AT tends 
to a non-zero final value. Nonetheless, it is useful in this analysis. 

It is surprising that F is very similar in FA and UA; again, there 
is no reason to expect this, which means that the heat taken up by 
the deep ocean is the about same in the two experiments, despite the 
fact that the surface warming is 30% less in UA. In fact, the increase 
in heat content of the entire ocean averaged over years 61-80 in UA 
is only 8% less than in FA. A calculation of the distribution of this 
heat with depth shows that, on average, it penetrates more deeply in 
UA, meaning that the vertical mixing processes are more effective 
in the unfluxadjusted ocean (Figure 5). The mechanisms for this 
will be discussed in a later paper. 

The constant t• quantifies the transfer of heat from the surface 
to the deep ocean. Since F is the same but AT is less in UA, 
t• must be greater, consistent with the conclusion drawn from the 
vertical distribution of heat uptake. Calculating t• = F/AT yields 
0.66 4- 0.04 Wm-2K -t inFA, 1.01 4- 0.16 Wm-2 K -t inUA. 

In terms of AT, Equation (1) becomes 

Q = (), + n)AT. (2) 
This shows that the surface temperature is determined by the effec- 

Table 1. Comparison of Climate Response 

FA UA 

Temperalure change AT/I< 1.76 1.24 
Radiative forcing Q = Q2x/W m- 2 3.47 3.47 
TOA net radiation change N/W m- :• 1.16 1.25 
H = Q - N = AAT/W m- 2 2.31 2.22 
MW m- 2 K- • 1.32 1.79 
AT2x/K 2.64 1.94 
ALNfWm--2 K -! 1.82 1.81 
)•Lc/Wrn-2 K -• 0.03 -0.28 
AsN/Wm-2 K -• 0.71 0.85 
Asc/W m- 2 K- 1 -0.24 -0.55 
F = N: t•AT/Wm -2 1.16 1.25 
MWm-•K -• 0.66 1.01 

“Box models” with vertical advective 
flux (Gregory & Mitchell 1997; Gregory 2000; Held et al 
2011) 
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A related approach is to model the ocean as a series
of stacked layers in which, following the “abyssal recipe”
of Munk (1966), upwelling of cold, dense water formed at
high latitudes is balanced by a downward di↵usive flux of
heat (e.g., Ho↵ert et al. 1980; Harvey and Schneider 1985;
Raper and Cubasch 1996; Raper et al. 2001). The problem
with this approach is that the required “e↵ective di↵usiv-
ity” is generally an order of magnitude larger than val-
ues inferred from microstructure (Polzin et al. 1997) and
tracer release (Ledwell et al. 1998) measurements. While
enhanced levels of diapycnal mixing have been observed
where internal waves scatter o↵ rough bottom topography
(Polzin et al. 1997; Naveira Garabato et al. 2004), it is un-
clear that diapycnal mixing is the dominant process con-
trolling either the mean stratification of the ocean (Wunsch
and Ferrari 2004) or its transient heat uptake (e.g., Gregory
2000; Banks and Gregory 2006; Xie and Vallis 2012).

Church et al. (1991) argue that heat penetrates the
ocean mostly due to ventilation, similar to a passive tracer,
with diapycnal mixing playing a negligible role. However,
Banks and Gregory (2006) show using a GCM that heat
uptake can vary significantly due to changes in ocean cir-
culation and stratification, and therefore cannot be viewed
solely as a passive process. Additionally, several model-
ing studies have shown that high-latitudes regions control
the ocean heat uptake in anthropogenic warming scenar-
ios, specifically highlighting the importance of the Southern
Ocean processes (e.g., Gregory 2000; Xie and Vallis 2012;
Manabe et al. 1991; Huang et al. 2003) and the North At-
lantic and its Meridional Overturning Circulation (MOC)
(e.g., Dalan et al. 2005; Rugenstein et al. 2013).

An alternative model that emphasizes the dynamic role
of wind and eddies in the Southern Ocean, North Atlantic
Deep Water (NADW) formation as part of the MOC, as
well as diapycnal mixing, in maintaining the global py-
cnocline and the ocean stratification has been developed
by Gnanadesikan (1999). In Gnanadesikan’s model, the
pycnocline is deepened by diapycnal mixing and South-
ern Ocean Ekman transport, and shallowed by Southern
Ocean eddies and NADW formation, thus linking natu-
rally with the sources and sinks of mechanical energy for
the global ocean (Munk and Wunsch 1998; Wunsch and
Ferrari 2004). However, Gnanadesikan’s model consists
of just two homogeneous layers and is not well suited to
studying ocean heat uptake under transient anthropogenic
forcing. In this paper, our aim is to develop a multi-layer
generalization of Gnanadesikan (1999) that we hope can
replace the “upwelling-di↵usion” models and simple box
models currently used to study ocean heat uptake, both
for pedagogical purposes and to analyze the output of cou-
pled ocean-atmosphere GCMs. In particular, we aim to
highlight the importance of ocean circulation, as opposed
to diapycnal mixing, in controlling ocean stratification and
transient heat uptake.

The paper is structured as follows. In section 2, the
model formulation is described and the parameterization
of key processes defined. In section 3 we discuss the ver-
tical structure of the stratification in di↵erent limits. In
section 4 we present and analyse the time-dependent re-
sponse of the model to anthropogenic forcing. Finally, in
section 5 we present a brief concluding discussion of the
wider implications of our results.

2. Model formulation

a. The model

The model is a simple, multi-layer extension of that
developed by Gnanadesikan (1999) for the global pycno-
cline, and is sketched schematically in Fig. 1. The ocean is
modelled by n layers of Conservative Temperature ⇥

i

(Mc-
Dougall 2003) and thickness h

i

(i = 1, 2, ..., n). We define
the layer interface depths,

H
i

=
iX

j=1

h
j

, (1)

where the total ocean depth is D = H
n

= constant. The
evolution of each layer interface H

i

is controlled by the
integrated volume transports into the layers laying above
that interface:

A
@H

i

@t
= q

Eki

� q
Eddyi

+ q
Di

� q
Ni

. (2)

The terms of the right-hand side of (2) represent South-
ern Ocean Ekman transport, Southern Ocean eddy-induced
transport, diapycnal upwelling and northern hemisphere
sinking (North Atlantic Deep Water) respectively. The
evolution of each layer is therefore set by the watermass
transformation rates due to each process. For simplicity,
we assume that the surface area of each layer, A, does not
vary significantly between the di↵erent layers and hence
can be approximated as constant; this is equivalent to as-
suming that outcropping of abyssal layer occurs over a rel-
atively small fraction of the surface ocean. Each isopycnal
is assumed to have a uniform depth north of the Southern
Ocean (Johnson et al. 2007; Allison et al. 2011), due to the
e�ciency of Kelvin waves in removing meridional pressure
gradients along eastern boundaries (Johnson and Marshall
2002), as also seen in observations (e.g., Marotzke 1997).

The model shares many common ingredients with that
developed by Nikurashin and Vallis (2011) and, in particu-
lar, Nikurashin and Vallis (2012), the main di↵erence being
that we prescribe scenarios for the rate of NADW forma-
tion, as described in section 2f, rather than incorporating
a dynamic parameterization.

b. Conservative Temperature and heat uptake

The use of Conservative Temperature, rather than po-
tential temperature, is both because it is better conserved

2

Volume budget 
for each layer

Heat Uptake/ Circulation/ Stratification

• North Atlantic Deep 
Water formation 
(NADW) = MOC& 
Sinking (prescribed)

• Upwelling balanced 
by downward diffusion 
(Munk,1977)

q
Di

Figure 1

h
i

q
Eki

q
Eddyi

q
Ni

H
i

L
yi

Tuesday, 11 June 13

Fig. 1. Schematic of the multilayer extension of the
Gnanadesikan ocean model.

in the ocean interior (Graham and McDougall 2013), and
also because it gives a particularly simple expression for
the ocean heat content,

H = ⇢0 c0
p

�⇥A

nX

i=1

H
i

, (3)

where �⇥ is the temperature di↵erence between each layer
assumed to be constant in this model, ⇢0 is a reference
ocean density and c0

p

is a constant close to the specific heat
capacity at the sea surface of the present ocean (McDougall
2003). Large discrepancies between potential and Conser-
vative Temperature occur mostly for high pressure however
in most of the ocean those di↵erences are small. Through-
out the paper we will use Conservative Temperature as
explained above but simply refer to it as temperature for
simplicity.

In order to allow the surface temperature, ⇥
s

(t), to
vary continuously and yet map smoothly onto the layered
structure in the vertical, we introduce an additional vari-
able �

i

which represents the fraction of the ith layer that
is outcropped, where 0  �

i

 1. At the sea floor we set
⇥ = ⇥

b

.

c. Southern Ocean Ekman transport

The eastward wind stress over the Southern Ocean sup-
ports an equatorward ocean Ekman transport which, in
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where f
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Following the discussion of Allison et al. (2010), the most
appropriate measure of ⌧
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is an integral-mean over the cir-
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rent (ACC), rather than the zonally-averaged wind stress

at the northernmost latitude of Drake Passage (Toggweiler
and Samuels 1995; Gnanadesikan et al. 2007) or the mean
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d. Southern Ocean eddy-induced transport

For the Southern Ocean eddy-induced transport, we
adopt the Gent and McWilliams (1990) eddy closure in
which eddies extracts potential energy from the background
state through an eddy-induced circulation mimicking the
e↵ects of baroclinic instability. The form of Gent and
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Here L
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where L
y0 is the mean width the ACC. Note that the latter

is broader than the width of Drake Passage, following the
discussion of Allison et al. (2010). The net Southern Ocean
transformation is thus a small residual between the Ekman
and eddy-induced components, q
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Eddy

(Marshall 1997;
Marshall and Radko 2003).

e. Diapycnal upwelling

We can obtain a simple expression for the diapycnal
upwelling across each layer interface through a simple one-
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in the ocean interior (Graham and McDougall 2013), and
also because it gives a particularly simple expression for
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where �⇥ is the temperature di↵erence between each layer
assumed to be constant in this model, ⇢0 is a reference
ocean density and c0

p

is a constant close to the specific heat
capacity at the sea surface of the present ocean (McDougall
2003). Large discrepancies between potential and Conser-
vative Temperature occur mostly for high pressure however
in most of the ocean those di↵erences are small. Through-
out the paper we will use Conservative Temperature as
explained above but simply refer to it as temperature for
simplicity.

In order to allow the surface temperature, ⇥
s

(t), to
vary continuously and yet map smoothly onto the layered
structure in the vertical, we introduce an additional vari-
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which represents the fraction of the ith layer that
is outcropped, where 0  �
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 1. At the sea floor we set
⇥ = ⇥
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c. Southern Ocean Ekman transport

The eastward wind stress over the Southern Ocean sup-
ports an equatorward ocean Ekman transport which, in
tandem with air-sea heat exchange, represents a cold-to-
warm water mass transformation. We specify the magni-
tude of the Southern Ocean Ekman transport as
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where f
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is the zonal ex-
tent of the Southern Ocean and ⌧
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is the zonal wind stress.
Following the discussion of Allison et al. (2010), the most
appropriate measure of ⌧
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is an integral-mean over the cir-
cumpolar streamlines of the Antarctic Circumpolar Cur-
rent (ACC), rather than the zonally-averaged wind stress

at the northernmost latitude of Drake Passage (Toggweiler
and Samuels 1995; Gnanadesikan et al. 2007) or the mean
wind stress over the latitude band of Drake Passage (Rus-
sell et al. 2006).

For convenience, we distribute the Ekman transport
uniformly over a finite layer of thickness, H
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. This is com-
pensated by a poleward geostrophic return flow beneath
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, where the topogra-
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d. Southern Ocean eddy-induced transport

For the Southern Ocean eddy-induced transport, we
adopt the Gent and McWilliams (1990) eddy closure in
which eddies extracts potential energy from the background
state through an eddy-induced circulation mimicking the
e↵ects of baroclinic instability. The form of Gent and
McWilliams used is similar to Gnanadesikan (1999) but
extended to multiple layers, and tapered beneath Drake
Passage in the same manner as for the Ekman term (5) to
satisfy the lower boundary condition:

q
Eddyi

=

8
>>>><

>>>>:

�
GM

L
x

H
i

L
yi

(H
i

 H
Drake

),

�
GM

L
x

H
i

L
yi

✓
D � H

i

D � H
Drake

◆
(H

i

> H
Drake

).

(6)
Here L
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is the mean distance between the northernmost
extent of the ACC and the outcrop of that isopycnal layer.
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where L
y0 is the mean width the ACC. Note that the latter

is broader than the width of Drake Passage, following the
discussion of Allison et al. (2010). The net Southern Ocean
transformation is thus a small residual between the Ekman
and eddy-induced components, q
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(Marshall 1997;
Marshall and Radko 2003).

e. Diapycnal upwelling

We can obtain a simple expression for the diapycnal
upwelling across each layer interface through a simple one-
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in the ocean interior (Graham and McDougall 2013), and
also because it gives a particularly simple expression for
the ocean heat content,

H = ⇢0 c0
p

�⇥A

nX

i=1

H
i

, (3)

where �⇥ is the temperature di↵erence between each layer
assumed to be constant in this model, ⇢0 is a reference
ocean density and c0

p

is a constant close to the specific heat
capacity at the sea surface of the present ocean (McDougall
2003). Large discrepancies between potential and Conser-
vative Temperature occur mostly for high pressure however
in most of the ocean those di↵erences are small. Through-
out the paper we will use Conservative Temperature as
explained above but simply refer to it as temperature for
simplicity.

In order to allow the surface temperature, ⇥
s

(t), to
vary continuously and yet map smoothly onto the layered
structure in the vertical, we introduce an additional vari-
able �
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which represents the fraction of the ith layer that
is outcropped, where 0  �
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 1. At the sea floor we set
⇥ = ⇥
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c. Southern Ocean Ekman transport

The eastward wind stress over the Southern Ocean sup-
ports an equatorward ocean Ekman transport which, in
tandem with air-sea heat exchange, represents a cold-to-
warm water mass transformation. We specify the magni-
tude of the Southern Ocean Ekman transport as
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where f
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is the Coriolis parameter, L
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is the zonal ex-
tent of the Southern Ocean and ⌧
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is the zonal wind stress.
Following the discussion of Allison et al. (2010), the most
appropriate measure of ⌧
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is an integral-mean over the cir-
cumpolar streamlines of the Antarctic Circumpolar Cur-
rent (ACC), rather than the zonally-averaged wind stress

at the northernmost latitude of Drake Passage (Toggweiler
and Samuels 1995; Gnanadesikan et al. 2007) or the mean
wind stress over the latitude band of Drake Passage (Rus-
sell et al. 2006).

For convenience, we distribute the Ekman transport
uniformly over a finite layer of thickness, H
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. This is com-
pensated by a poleward geostrophic return flow beneath
the depth of Drake Passage, H
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, where the topogra-
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d. Southern Ocean eddy-induced transport

For the Southern Ocean eddy-induced transport, we
adopt the Gent and McWilliams (1990) eddy closure in
which eddies extracts potential energy from the background
state through an eddy-induced circulation mimicking the
e↵ects of baroclinic instability. The form of Gent and
McWilliams used is similar to Gnanadesikan (1999) but
extended to multiple layers, and tapered beneath Drake
Passage in the same manner as for the Ekman term (5) to
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Here L
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is the mean distance between the northernmost
extent of the ACC and the outcrop of that isopycnal layer.
For simplicity, we assume a linear variation in surface tem-
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where L
y0 is the mean width the ACC. Note that the latter

is broader than the width of Drake Passage, following the
discussion of Allison et al. (2010). The net Southern Ocean
transformation is thus a small residual between the Ekman
and eddy-induced components, q

Ek
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Eddy

(Marshall 1997;
Marshall and Radko 2003).

e. Diapycnal upwelling

We can obtain a simple expression for the diapycnal
upwelling across each layer interface through a simple one-
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in the ocean interior (Graham and McDougall 2013), and
also because it gives a particularly simple expression for
the ocean heat content,

H = ⇢0 c0
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where �⇥ is the temperature di↵erence between each layer
assumed to be constant in this model, ⇢0 is a reference
ocean density and c0

p

is a constant close to the specific heat
capacity at the sea surface of the present ocean (McDougall
2003). Large discrepancies between potential and Conser-
vative Temperature occur mostly for high pressure however
in most of the ocean those di↵erences are small. Through-
out the paper we will use Conservative Temperature as
explained above but simply refer to it as temperature for
simplicity.

In order to allow the surface temperature, ⇥
s

(t), to
vary continuously and yet map smoothly onto the layered
structure in the vertical, we introduce an additional vari-
able �
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which represents the fraction of the ith layer that
is outcropped, where 0  �
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 1. At the sea floor we set
⇥ = ⇥
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.

c. Southern Ocean Ekman transport

The eastward wind stress over the Southern Ocean sup-
ports an equatorward ocean Ekman transport which, in
tandem with air-sea heat exchange, represents a cold-to-
warm water mass transformation. We specify the magni-
tude of the Southern Ocean Ekman transport as
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where f
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is the Coriolis parameter, L
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is the zonal ex-
tent of the Southern Ocean and ⌧
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is the zonal wind stress.
Following the discussion of Allison et al. (2010), the most
appropriate measure of ⌧

s

is an integral-mean over the cir-
cumpolar streamlines of the Antarctic Circumpolar Cur-
rent (ACC), rather than the zonally-averaged wind stress

at the northernmost latitude of Drake Passage (Toggweiler
and Samuels 1995; Gnanadesikan et al. 2007) or the mean
wind stress over the latitude band of Drake Passage (Rus-
sell et al. 2006).

For convenience, we distribute the Ekman transport
uniformly over a finite layer of thickness, H
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. This is com-
pensated by a poleward geostrophic return flow beneath
the depth of Drake Passage, H
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, where the topogra-
phy is able to support a zonal pressure gradient. Thus the
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d. Southern Ocean eddy-induced transport

For the Southern Ocean eddy-induced transport, we
adopt the Gent and McWilliams (1990) eddy closure in
which eddies extracts potential energy from the background
state through an eddy-induced circulation mimicking the
e↵ects of baroclinic instability. The form of Gent and
McWilliams used is similar to Gnanadesikan (1999) but
extended to multiple layers, and tapered beneath Drake
Passage in the same manner as for the Ekman term (5) to
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Here L
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is the mean distance between the northernmost
extent of the ACC and the outcrop of that isopycnal layer.
For simplicity, we assume a linear variation in surface tem-
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where L
y0 is the mean width the ACC. Note that the latter

is broader than the width of Drake Passage, following the
discussion of Allison et al. (2010). The net Southern Ocean
transformation is thus a small residual between the Ekman
and eddy-induced components, q

Ek
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Eddy

(Marshall 1997;
Marshall and Radko 2003).

e. Diapycnal upwelling

We can obtain a simple expression for the diapycnal
upwelling across each layer interface through a simple one-
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in the ocean interior (Graham and McDougall 2013), and
also because it gives a particularly simple expression for
the ocean heat content,

H = ⇢0 c0
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where �⇥ is the temperature di↵erence between each layer
assumed to be constant in this model, ⇢0 is a reference
ocean density and c0

p

is a constant close to the specific heat
capacity at the sea surface of the present ocean (McDougall
2003). Large discrepancies between potential and Conser-
vative Temperature occur mostly for high pressure however
in most of the ocean those di↵erences are small. Through-
out the paper we will use Conservative Temperature as
explained above but simply refer to it as temperature for
simplicity.

In order to allow the surface temperature, ⇥
s

(t), to
vary continuously and yet map smoothly onto the layered
structure in the vertical, we introduce an additional vari-
able �

i

which represents the fraction of the ith layer that
is outcropped, where 0  �
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 1. At the sea floor we set
⇥ = ⇥
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c. Southern Ocean Ekman transport

The eastward wind stress over the Southern Ocean sup-
ports an equatorward ocean Ekman transport which, in
tandem with air-sea heat exchange, represents a cold-to-
warm water mass transformation. We specify the magni-
tude of the Southern Ocean Ekman transport as
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where f
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is the Coriolis parameter, L
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is the zonal ex-
tent of the Southern Ocean and ⌧
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is the zonal wind stress.
Following the discussion of Allison et al. (2010), the most
appropriate measure of ⌧

s

is an integral-mean over the cir-
cumpolar streamlines of the Antarctic Circumpolar Cur-
rent (ACC), rather than the zonally-averaged wind stress

at the northernmost latitude of Drake Passage (Toggweiler
and Samuels 1995; Gnanadesikan et al. 2007) or the mean
wind stress over the latitude band of Drake Passage (Rus-
sell et al. 2006).

For convenience, we distribute the Ekman transport
uniformly over a finite layer of thickness, H
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. This is com-
pensated by a poleward geostrophic return flow beneath
the depth of Drake Passage, H
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, where the topogra-
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d. Southern Ocean eddy-induced transport

For the Southern Ocean eddy-induced transport, we
adopt the Gent and McWilliams (1990) eddy closure in
which eddies extracts potential energy from the background
state through an eddy-induced circulation mimicking the
e↵ects of baroclinic instability. The form of Gent and
McWilliams used is similar to Gnanadesikan (1999) but
extended to multiple layers, and tapered beneath Drake
Passage in the same manner as for the Ekman term (5) to
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Here L
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is the mean distance between the northernmost
extent of the ACC and the outcrop of that isopycnal layer.
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where L
y0 is the mean width the ACC. Note that the latter

is broader than the width of Drake Passage, following the
discussion of Allison et al. (2010). The net Southern Ocean
transformation is thus a small residual between the Ekman
and eddy-induced components, q
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Eddy

(Marshall 1997;
Marshall and Radko 2003).

e. Diapycnal upwelling

We can obtain a simple expression for the diapycnal
upwelling across each layer interface through a simple one-

3

q
Di

Figure 1

h
i

q
Eki

q
Eddyi

q
Ni

H
i

L
yi

Tuesday, 11 June 13

Fig. 1. Schematic of the multilayer extension of the
Gnanadesikan ocean model.

in the ocean interior (Graham and McDougall 2013), and
also because it gives a particularly simple expression for
the ocean heat content,

H = ⇢0 c0
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where �⇥ is the temperature di↵erence between each layer
assumed to be constant in this model, ⇢0 is a reference
ocean density and c0

p

is a constant close to the specific heat
capacity at the sea surface of the present ocean (McDougall
2003). Large discrepancies between potential and Conser-
vative Temperature occur mostly for high pressure however
in most of the ocean those di↵erences are small. Through-
out the paper we will use Conservative Temperature as
explained above but simply refer to it as temperature for
simplicity.

In order to allow the surface temperature, ⇥
s

(t), to
vary continuously and yet map smoothly onto the layered
structure in the vertical, we introduce an additional vari-
able �
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which represents the fraction of the ith layer that
is outcropped, where 0  �
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 1. At the sea floor we set
⇥ = ⇥
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c. Southern Ocean Ekman transport

The eastward wind stress over the Southern Ocean sup-
ports an equatorward ocean Ekman transport which, in
tandem with air-sea heat exchange, represents a cold-to-
warm water mass transformation. We specify the magni-
tude of the Southern Ocean Ekman transport as
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where f
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is the Coriolis parameter, L
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is the zonal ex-
tent of the Southern Ocean and ⌧
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is the zonal wind stress.
Following the discussion of Allison et al. (2010), the most
appropriate measure of ⌧
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is an integral-mean over the cir-
cumpolar streamlines of the Antarctic Circumpolar Cur-
rent (ACC), rather than the zonally-averaged wind stress

at the northernmost latitude of Drake Passage (Toggweiler
and Samuels 1995; Gnanadesikan et al. 2007) or the mean
wind stress over the latitude band of Drake Passage (Rus-
sell et al. 2006).

For convenience, we distribute the Ekman transport
uniformly over a finite layer of thickness, H

Ek

. This is com-
pensated by a poleward geostrophic return flow beneath
the depth of Drake Passage, H

Drake

, where the topogra-
phy is able to support a zonal pressure gradient. Thus the
Ekman transport above the ith interface, also taking into
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d. Southern Ocean eddy-induced transport

For the Southern Ocean eddy-induced transport, we
adopt the Gent and McWilliams (1990) eddy closure in
which eddies extracts potential energy from the background
state through an eddy-induced circulation mimicking the
e↵ects of baroclinic instability. The form of Gent and
McWilliams used is similar to Gnanadesikan (1999) but
extended to multiple layers, and tapered beneath Drake
Passage in the same manner as for the Ekman term (5) to
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Here L
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is the mean distance between the northernmost
extent of the ACC and the outcrop of that isopycnal layer.
For simplicity, we assume a linear variation in surface tem-
perature across the ACC and set:

L
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= L
y0

✓
⇥

i

�⇥0

⇥
s

�⇥0

◆
, (7)

where L
y0 is the mean width the ACC. Note that the latter

is broader than the width of Drake Passage, following the
discussion of Allison et al. (2010). The net Southern Ocean
transformation is thus a small residual between the Ekman
and eddy-induced components, q

Ek

�q
Eddy

(Marshall 1997;
Marshall and Radko 2003).

e. Diapycnal upwelling

We can obtain a simple expression for the diapycnal
upwelling across each layer interface through a simple one-

3

• Northward 
wind-driven 
Ekman circulation

• Eddy-induced 
transport (Gent-
McWilliams 
parametrization, 1990)



Heat Uptake/ Circulation/ Stratification

‘‘control’’ solution as one with the parameter values:
kGM 5 1 3 103m2 s21, qEk0 5 30 Sv (1 Sv [ 106m3 s21;
corresponding to a wind stress of about 0.15Nm22 for
fACC 5 21 3 1024 s21), and qN0 5 20 Sv. The Southern
Ocean Ekman transport is deposited in the warmest
DQEk 5 108C Conservative Temperature class, NADW
is formed in the Conservative Temperature range
fQA2QNg5 f28 2 68Cg, and the surface temperature is
Qs5 218C. The vertical diffusivity is prescribed using the
Bryan–Lewis profile (10) with ks5 13 1025m2 s21, kb5
13 1024m2 s21, Dhbl 5 0.223 103m, and hbl 5 2500m.
In each calculation, the model has been integrated for
10 000 years, after which the surface heat uptake is
typically reduced to a magnitude of 1025Wm22.
Variations of the four water mass transformation

processes with Conservative Temperature in the control
integration are plotted in Fig. 2a. The Southern Ocean
Ekman transport, qEk is mostly balanced by a combina-
tion of Southern Ocean eddies, qEddy, and NADW for-
mation, qN, with the former dominating in Conservative
Temperature classes colder thanNADWby construction.
Diapycnal diffusion is a smaller term at most depths,
transforming cold water into warmer water, but is

dominant at the very warmest Conservative Tempera-
tures near the surface and also plays a substantial role in
the coldest Conservative Temperature classes corre-
sponding to AABW formation as previously described.
While the model stratification is one-dimensional, it is
possible to infer the implied two-dimensional MOC by
continuity, shown in Fig. 2b. We obtain two cells: over
the upper 2–3km a quasi-adiabatic pole-to-pole NADW
cell (cf. Wolfe and Cessi 2011) with an imposed strength
of 20 Sv, and over the lower 2–3 km a diffusively driven
AABW cell of 15Sv that forms dynamically through the
mechanism described in Ito and Marshall (2008).The
structure of the model’sMOC compares remarkably well
with the observation-derived estimate of the globalMOC
in Lumpkin and Speer (2007, their Fig. 2).
The equilibrium Conservative Temperature profile in

the control solution is compared to climatological ob-
servations in Fig. 3, where the latter have been evaluated

FIG. 2. (a) Water mass transformation due to Southern Ocean
Ekman transport, Southern Ocean eddy transport, NADW forma-
tion, and diapycnal mixing as function of Conservative Temperature.
(b) Implied meridional overturning circulation (solid lines, contour
interval of 4 Sv) and Conservative Temperature surfaces (dotted
lines, contour interval of 48C). The shaded regions to the south and
north schematically represent the Southern Ocean and high-latitude
northern basins over which the 1D model does not apply.

FIG. 3. Equilibrium stratification for the control solution of the
1D model (solid line) compared to observed profiles of Conser-
vative Temperature in the Atlantic. The profiles (dashed–dotted
lines) for the Northern Hemisphere (NH) and Southern Hemi-
sphere (SH) are computed between latitudes of 208 and 408 in each
hemisphere. The averaged observed profile, taken as the mean
between the two hemispheres, is also shown (dotted line).
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eddies (Fig. 4c), and NADW formation (Figs. 4d,e). Also
note that the heat content changes associated with plau-
sible perturbations to Southern Ocean winds and/or
eddies or NADW formation are potentially of similar
magnitude to those due to the direct effect of the warmer
surface boundary conditions.

4. Anthropogenic climate change scenarios

We now present solutions for a range of different
anthropogenic climate change scenarios. The aim of
these calculations is to quantify the magnitude of plau-
sible variations in the key processes in response to an-
thropogenic climate forcing, namely surface warming,
increase in wind and eddy circulation in the Southern
Ocean and MOC weakening. Thus, for each such pa-
rameter, F(t), we prescribe

F(t)5F0 1DF3

8
>>>>><

>>>>>:

0 (t, t1) ,

sin2
!
p

2

t2 t1
t22 t1

"
(t1# t# t2) ,

1 (t2, t) ,

(12)

where the change DF in F occurs smoothly over the time
interval t1# t# t2. The parameters we vary are plotted in
Fig. 5. The surface temperature is increased by 48 over
a time interval of 200yr in each of the scenarios (except
for one sensitivity calculation with a 28 warming). In ad-
dition, we consider the impact of the Southern Ocean
Ekman transport increasing by 10%over the same period,
accompanied, or not, by an equivalent increase in the
Southern Ocean eddy diffusivity. And finally we consider
the impact of NADW formation (orMOC) weakening by
50% and 100% between years 100 and 200, the former

also in conjunction with 28C warming of the NADW
formation Conservative Temperature class. Each of these
scenarios is initialized with the control equilibrium solu-
tion and integrated for a total of 1000 years.

a. Control scenario forced by surface warming

First we consider a scenario in which only the surface
temperature is increased by 48C over the first 200 years,
consistent with estimated projections of temperature
increase from preindustrial value under the represen-
tative concentration pathway (RCP) 6.0 scenario by
year 2200 or Special Report on Emissions Scenarios
(SRES) scenario A2 by year 2100 (Rogelj et al. 2012).
Plotted in Fig. 6 is the net ocean heat uptake and its
vertical partitioning in the depth ranges 0–0.7, 0.7–2, and
2–5 km (Fig. 6a), the ocean Conservative Temperature
anomaly at different depths as a function of time (Fig. 6b),
and the ocean heat uptake anomaly (Fig. 6c). The latter
also shows the heat uptake anomaly due to each of the
four processes: Ekman transport, Southern Ocean
eddies, NADW formation, and diapycnal diffusion.
Note that the heat uptakes are normalized by the surface
area of Earth.
The global heat uptake reaches a maximum value

of 0.6Wm22 after 150 years before its eventual decay.
Relatively little heat uptake occurs through diapycnal
diffusion although it does play a proportionately greater
role during the initial 100 years of the integration. In-
stead, by far the largest source of heat uptake is the
Southern Ocean Ekman transport. Given that the global
stratification is largely controlled by Southern Ocean
winds, as discussed byWolfe andCessi (2010), Nikurashin
and Vallis (2011), Radko and Kamenkovich (2011),
Kamenkovich and Radko (2011), and Nikurashin and
Vallis (2012), global ocean heat uptake is also largely
determined by Southern Ocean Ekman transport (also
see Gnanadesikan et al. 2005), especially on short time
scales. Physically, this corresponds to Ekman pumping of
the surface heat anomaly into the ocean interior.
NADW formation opposes the Ekman heat uptake,

essentially because warmer water is now transformed to
NADW, therefore representing a net sink of heat. The
heat uptake due to Southern Ocean eddies is initially
weak and slightly positive before becoming negative and
slightly larger than the NADW contribution on the
centennial time scale. On short times scales, the eddy
heat uptake is dominated by eddy-induced downwelling
of warmer water over the SouthernOcean, but on longer
time scales the eddy overturning circulation itself adjusts
to the changes in stratification dominating the eddy heat
uptake. Similar results are obtained if the surface
warming anomaly is only 28C over 200 years instead of
48C (Fig. 6d); the heat uptake and the contribution from

FIG. 5. Forcing anomaly profiles as function of time.
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the four dynamical controls scale almost linearly with
the applied warming.
The anomalous heat in the ocean is concentrated in

the upper 2km, and in particular over the upper 0.7km
(Figs. 6a,b). Both the upper and midocean heat uptakes,
similar to the global heat uptake, are dominated by the
Southern Ocean Ekman transport, with smaller contribu-
tions from Southern Ocean eddies and NADW formation
(not shown). The uptake due to Southern Ocean eddies
adjusts most slowly and sets the overall adjustment time-
scale, as discussed in the following section. Middepth and
abyssal layers are still warming at the end of the simula-
tion, similar to global climate models (Li et al. 2013), with
the ocean uptake between 0.7 and 2km reaching a maxi-
mum value of 0.06Wm22 at around 280yr.

b. Variation of adjustment time scale with depth

The response of the ocean at the surface is determined by
the rate at which energy is absorbed at the sea surface (the

net ocean heat uptake) but also by the transformation
rates from the surface to the interior. Figures 6a–c show
that the ocean equilibrates over many centuries and,
indeed, is not fully equilibrated at the end of the 1000-yr
integration.
To investigate the adjustment time scales further, in

Fig. 7a we show the response of the model to a 18C
surface temperature anomaly applied instantaneously
as a step function. The upper 50m and 100m adjust on
time scales of 30 to 40 years, longer than the time scale
of a few years one would expect in the surface mixed
layer (e.g., Held et al. 2010), simply reflecting the ab-
sence of a surface mixed layer in the model. The more
interesting time scales are 200 years at about 500m,
1000 years at about 1-km depth, and 2000 years in the
abyss.
The overall adjustment time scales are controlled by

diapycnal mixing and Southern Ocean eddies, as
sketched schematically in Fig. 7b, since the Southern

FIG. 6. Control solution with imposed anthropogenic surface warming of 48C and Bryan–Lewis diapycnal mixing,
ks 5 13 1025m2 s21 and kb 5 13 1024m2 s21. (a) Net ocean heat uptake and its partitioning over different depth
ranges, normalized by the surface area of Earth. (b) Temperature anomaly at different depths as function of time.
(c) Net ocean heat uptake and the heat uptake due to the four processes, normalized by the surface area of Earth.
(d) As in (c), but with surface warming of only 28C.
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Processes in GCMs

➡ Eddies <0 as eddy overturning circulation  adjusts to the changes in 

➡ Using timeseries for MOC, Ekman transport, SST & eddy + diapycnal mixing 
coefficients, we can estimate processes/timescales of uptake in GCMs + obs

Southern Ocean eddy transport and the sensitivity of
NADW formation to changes in stratification. The
model suggests that any future increase in wind stress
over the SouthernOcean under climate changewill likely
increase ocean heat uptake by deepening the stratifica-
tion. However, the rate of uptake will be greatly reduced
due to the compensating effect of the Southern ocean
eddy bolus transport. A recent study by Balmaseda et al.
(2013) analyzed the impact of removing interannual
variability of the wind over the global ocean on a re-
analysis product of ocean heat content between 1990 and
2009, obtaining a reduction of the overall heat uptake of
up 60%, as well as reduced penetration of heat below
300m in low latitudes. This result further emphasizes the
impact of the surface wind stress on the global ocean heat
uptake and the vertical profile of the warming.

If the diapycnal diffusivity is artificially enhanced in
the model, as is sometimes the case in simple models, or
inGCMs due to numerical truncation errors (Ilicak et al.
2012), the contribution of diapycnal mixing to net ocean
heat uptake becomes comparable to, if not larger than,
that of the Southern Ocean Ekman transport. Gregory
(2000) investigated changes in ocean heat uptake on de-
cadal time scales in the Hadley Centre Coupled Model,
version 2 (HadCM2), showing that the wind-driven cir-
culation in the Southern Ocean dominated the vertical
exchange of heat in the control experiment. However, the
anomalous heat uptake under a 1% CO2 increase within
the same model was dictated by changes in high-latitude
convection leading to subsurface warming and net heat
uptake; the secondary role of the Ekman transport in this
experiment is perhaps due to the enhanced diffusive
processes and the lack of a parameterization of the eddy
bolus velocity.

FIG. 14. (a) Initial Conservative Temperature profile in the 1D
model when initialized with the GCM NADW time series, but
excluding Southern Ocean processes, along with Atlantic potential
temperature profiles as in Fig. 12a. Diapycnalmixing is enhanced at
depth as in the control experiment. (b) Conservative Temperature
anomaly over the 140-yr integration in the 1D model (solid line)
and mean potential temperature anomaly between 408S and 608N
in the GCM (dashed line). (c) Net ocean heat uptake, normalized
by the surface area of Earth, along with the heat uptake between
0 and 0.7, 0.7 and 2, and 2 and 5 km.

FIG. 15. (a) Initial and (b) final stratification of the simple model
when initializedwith theGCMoutputwithout any SouthernOcean
processes and uniform enhanced mixing, ky 5 13 1024m2 s21. For
comparison, the initial and final profiles of Atlantic and Pacific
stratification directly from the GCM are also shown. (c) Net ocean
heat uptake, normalized by the surface area of Earth, along with
the ocean heat uptake between 0 and 0.7, 0.7 and 2, and 2 and 5 km.
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the eddy bolus transport) but is nearly balanced by the
contributions from NADW (i.e., weakening of the At-
lantic MOC) and diapycnal mixing.
To further understand the role of NADW and Ekman

pumping as sources of ocean heat uptake, the 1D model
is initialized solely with the GCM NADW time series,
excluding the Southern Ocean processes. The initial
stratification of the 1Dmodel agrees extremely well with
GCM stratification profiles in the Atlantic (Fig. 14a).
However, the final stratification profile of the 1D model
disagrees with theGCM, especially between 0.7 and 2km
(Fig. 14b), resulting in an underestimate of net ocean heat
uptake by about 50% (Fig. 14c). This experiment high-
lights the importance of the Southern Ocean Ekman
water mass transformation in determining the transient
ocean heat uptake and its vertical distribution.
When Southern Ocean processes are turned off, the

model is now equivalent to an upwelling-diffusion model
with uniform enhancedmixing ky 5 13 1024m2 s21. The
initial and final ocean stratifications obtained in this
configuration of the 1Dmodel are farther away from that
of the GCM (Figs. 15a,b). However the net ocean heat
uptake, reaching 1.4Wm22 at the end of the experiment,

matches fairly well the ocean heat uptake from the simple
model with the Southern Ocean processes and weaker
mixing (cf. Figs. 15c and 13c). The heat uptake over the
upper 0.7 km is in broad agreement with the GCM results
owing to the almost linear stratification over the upper
ocean; however, the heat uptake between 0.7 and 2km is
underestimated by more than 30%.

6. Discussion

In this paper, we have developed a conceptual model
as a multilayer generalization of Gnanadesikan (1999)
to analyze the dynamical processes controlling ocean
heat uptake under various climate change scenarios.
The model represents the role of the Southern Ocean
Ekman and eddy transports, the Atlantic MOC, and
diapycnal mixing in setting the ocean stratification and
consequently the rate of ocean heat uptake.
For realistic profiles of diapycnal mixing, the ocean

heat uptake remains mostly confined to the upper 2 km
of the ocean for several centuries and is dominated by
the wind-induced Ekman transport in the Southern
Ocean; its adjustment time scale is set mostly by the

FIG. 13. (a) Net global ocean heat uptake, normalized by the surface area of Earth in the GCM, and decomposed
into layers between 0 and 0.7, 0.7 and 2, and 2 and 5 km. (b)As in (a), but between 408S and 608N in order to exclude
the Southern Ocean and high-latitude northern basins where the 1D model is not applicable. (c) Net ocean heat
uptake in the 1D model and decomposed over the same layers. (d) Net ocean heat uptake in the 1D model due to
Southern Ocean Ekman transport, NADW formation, Southern Ocean eddies, and diapycnal mixing.
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the eddy bolus transport) but is nearly balanced by the
contributions from NADW (i.e., weakening of the At-
lantic MOC) and diapycnal mixing.
To further understand the role of NADW and Ekman

pumping as sources of ocean heat uptake, the 1D model
is initialized solely with the GCM NADW time series,
excluding the Southern Ocean processes. The initial
stratification of the 1Dmodel agrees extremely well with
GCM stratification profiles in the Atlantic (Fig. 14a).
However, the final stratification profile of the 1D model
disagrees with theGCM, especially between 0.7 and 2km
(Fig. 14b), resulting in an underestimate of net ocean heat
uptake by about 50% (Fig. 14c). This experiment high-
lights the importance of the Southern Ocean Ekman
water mass transformation in determining the transient
ocean heat uptake and its vertical distribution.
When Southern Ocean processes are turned off, the

model is now equivalent to an upwelling-diffusion model
with uniform enhancedmixing ky 5 13 1024m2 s21. The
initial and final ocean stratifications obtained in this
configuration of the 1Dmodel are farther away from that
of the GCM (Figs. 15a,b). However the net ocean heat
uptake, reaching 1.4Wm22 at the end of the experiment,

matches fairly well the ocean heat uptake from the simple
model with the Southern Ocean processes and weaker
mixing (cf. Figs. 15c and 13c). The heat uptake over the
upper 0.7 km is in broad agreement with the GCM results
owing to the almost linear stratification over the upper
ocean; however, the heat uptake between 0.7 and 2km is
underestimated by more than 30%.

6. Discussion

In this paper, we have developed a conceptual model
as a multilayer generalization of Gnanadesikan (1999)
to analyze the dynamical processes controlling ocean
heat uptake under various climate change scenarios.
The model represents the role of the Southern Ocean
Ekman and eddy transports, the Atlantic MOC, and
diapycnal mixing in setting the ocean stratification and
consequently the rate of ocean heat uptake.
For realistic profiles of diapycnal mixing, the ocean

heat uptake remains mostly confined to the upper 2 km
of the ocean for several centuries and is dominated by
the wind-induced Ekman transport in the Southern
Ocean; its adjustment time scale is set mostly by the

FIG. 13. (a) Net global ocean heat uptake, normalized by the surface area of Earth in the GCM, and decomposed
into layers between 0 and 0.7, 0.7 and 2, and 2 and 5 km. (b)As in (a), but between 408S and 608N in order to exclude
the Southern Ocean and high-latitude northern basins where the 1D model is not applicable. (c) Net ocean heat
uptake in the 1D model and decomposed over the same layers. (d) Net ocean heat uptake in the 1D model due to
Southern Ocean Ekman transport, NADW formation, Southern Ocean eddies, and diapycnal mixing.
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Uncertainty in ocean heat uptake

‣ The stratification is set by surface atmospheric 
forcing & internal ocean processes …

➡ For a given warming & a given stratification the 
Southern Ocean is dominated by Ekman

➡ Is the heat uptake uncertainty driven by the 
difference in atmospheric forcing/feedbacks or the 
different initial stratifications?

 We should have stopped there
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‣ Surface boundary conditions taken from 28 CMIP5 runs 

= Ensemble with the same ocean model and 28 different surface forcing: control 
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Diversity & Spread due to Surface Fluxes: Control

‣ MITgcm residual 
circulation & stratification

when forced with surface 
forcing from 28 CMIP5 
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a) Zonally averaged meridional streamfunction in Atlantic Ocean: MITgcm vs. CMIP5

b) Comparison of AMOC values c) Comparison of ACC values
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Fluxes vs. Paramaters Uncertainty: Circulation

‣ AMOC: spread due air-sea fluxes 
dominates  

‣ SO residual circulation: Spread due to 

diapycnal mixing, eddy coefficient & air-
sea fluxes are comparable 

‣ Control 
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‣ 1%CO2 

‣ Same results hold …
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Fluxes vs. Paramaters Uncertainty: Heat Uptake
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‣ Global heat uptake spread: depends on all, internal physics & surface 
forcing 

‣ Atlantic: air-sea flux (heat flux); Pacific: diapycnal mixing; Southern Ocean : 
eddy mixing and vertical mixing
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Concluding remarks 

• Ocean heat uptake controlled by Southern Ocean Ekman transport in 
observations, simple & complex models (with or without eddies) 

• Idealized models can be used for diagnostic purposes to understand & 
identify the mechanisms & timescales for the rate of ocean heat uptake  

•Global uptake: depends on the stratification & the forcing; with basin-scale 
dependence  

• Needed: A better understanding of the transient response of the ocean - 
stratification/forcing/uptake & subsequent feedback with any good tools/
models 


